[1] Marine phytoplankton have the potential to significantly buffer future increases in atmospheric carbon dioxide levels. However, in order for CO 2 fertilization to have an effect on carbon sequestration to the deep ocean, the increase in dissolved CO 2 must stimulate primary productivity; that is, marine phototrophs must be CO 2 limited [Riebesell et al., 1993] . Estimation of the extent of bicarbonate (HCO 3 À ) uptake in the oceans is therefore required to determine whether the anthropogenic carbon sources will enhance carbon flux to the deep ocean. Using short-term 14 CO 2 -disequilibrium experiments during the Southern Ocean Iron Experiment (SOFeX), we show that HCO 3 À uptake by Southern Ocean phytoplankton is significant. Since the majority of dissolved inorganic carbon (DIC) in the ocean is in the form of bicarbonate, the biological pump may therefore be insensitive to anthropogenic CO 2 . Approximately half of the DIC uptake observed was attributable to direct HCO 3 À uptake, the other half being direct CO 2 uptake mediated either by passive diffusion or active uptake mechanisms. The increase in growth rates and decrease in CO 2 concentration associated with the iron fertilization did not trigger any noticeable changes in the mode of DIC acquisition, indicating that under most environmental conditions the carbon concentrating mechanism (CCM) is constitutive. A low-CO 2 treatment induced an increase in uptake of CO 2 , which we attributed to increased extracellular carbonic anhydrase activity, at the expense of direct HCO 3 À transport across the plasmalemma. Isotopic disequilibrium experimental results are consistent with Southern Ocean carbon stable isotope fractionation data from this and other studies. Although iron fertilization has been shown to significantly enhance phytoplankton growth and may potentially increase carbon flux to the deep ocean, an important source of the inorganic carbon taken up by phytoplankton in this study was HCO 3 À , whose concentration is negligibly affected by the anthropogenic rise in CO 2 . We conclude that biological productivity in this region of the world's ocean is unlikely to be directly regulated by natural or anthropogenic variations in atmospheric CO 2 concentrations because of the presence of a constitutive CCM.
Introduction
[2] Polar regions of the world's ocean are thought to play a critical role in the control of atmospheric CO 2 because of the interaction of deep-water masses with the atmosphere in these areas. Changes in primary productivity and water column stratification in these regions have been argued to regulate atmospheric CO 2 and transitions from glacial to interglacial periods [Knox and McElroy, 1984; Sarmiento and Toggweiler, 1984; Siegenthaler and Wenk, 1984; Francois et al., 1997] .
[3] Increases in atmospheric iron deposition to the Southern Ocean may have been partly responsible for these changes in phytoplankton productivity [Martin, 1990; Martin et al., 1990 ], which in turn may have regulated paleoatmospheric CO 2 concentrations. The principal objective of the Southern Ocean Iron Experiment (SOFeX) cruise (January 5 to February 26, 2002) was to better understand the role of iron in the transfer of organic carbon to the deep sea, i.e., the role of the biological carbon pump, which is a crucial component of the global carbon cycle [Sarmiento and Le Quere, 1996] . Understanding the carbon uptake mechanisms in Southern Ocean algal communities and their response to iron fertilization is crucial to elucidating the role of phytoplankton in the regulation of atmospheric CO 2 .
[4] CO 2 limitation has been shown to be significant in terrestrial environments [Porter and Grodzinski, 1985; Idso and Kimball, 1991; Long and Drake, 1991] . Riebesell et al. [1993] hypothesized that CO 2 could also regulate productivity in the oceans. Some field results have also indicated that CO 2 could in some cases control primary production [Hein and Sand-Jensen, 1997] . However, in the marine realm, the presence of CCMs, which play a role similar to C 4 and CAM pathways in terrestrial plants, could alleviate CO 2 limitation. Direct transport of HCO 3 À and CO 2 and extracellular conversion of HCO 3 À to CO 2 through the catalytic activity of carbonic anhydrase are believed to be important carbon concentrating mechanisms (CCMs) in marine phytoplankton (see review by Raven [1997] ).
[5] Although the dissolved inorganic carbon pool (DIC) may be large ($2 mM under ambient conditions), CO 2 (aq), the substrate for ribulose-1, 5-bisphosphate carboxylase/ oxygenase (Rubisco) during marine microalgal photosynthesis, is less than 1% of the DIC [Skirrow and Whitfield, 1975; Millero, 1995] . Under these conditions, the activity of Rubisco is less than half-saturated [Badger et al., 1998 ]. In order for marine primary producers to significantly respond to changes in atmospheric CO 2 , whether due to short-term anthropogenic emissions or long-term geological cycles, their uptake of inorganic carbon must involve passive CO 2 diffusion, primarily. Concentrations of HCO 3 À , the other potential photosynthetic substrate, are relatively large and not significantly affected by changes in atmospheric CO 2 . We performed in vivo studies to investigate the ability of Southern Ocean phytoplankton communities to actively take up DIC and the CCM response to changes in phytoplankton biomass/composition and carbonate system parameters associated with iron enrichment. The algal assemblage in this region of the world's ocean is typically dominated by diatoms, which are more likely to be CO 2 limited than smaller cells [Riebesell et al., 1993] and which are responsible for much of the deep ocean carbon export in the Southern Ocean [Bathmann, 1998; Buesseler et al., 2001; Daly et al., 2001; Anadon et al., 2002] .
Material and Methods
[6] Sampling and field experiments were conducted during the Southern Ocean Iron Experiment (SOFeX) expedition onboard the R/V Revelle and R/V Melville in the Pacific sector of the Southern Ocean during JanuaryFebruary 2002 (Figure 1 ). Stations were occupied along 172°W longitude, north (56°S) and south (66°S) of the Antarctic Polar Frontal Zone (APFZ). This region of the Southern Ocean is considered to be a high-nitrate lowchlorophyll (HNLC) area. However, silicate concentrations (<3 mM) north of the APFZ are distinctly lower than south ($64 mM) of the APFZ. During this expedition, in situ iron enrichment experiments were performed in both locations and designated as the Northern Patch (NP) and Southern Patch (SP), respectively ( Figure 1 ). Iron (1.2 nM) was initially added to the northern site on year day (YD) 13 (designated as t o ), and two subsequent infusions were performed 3 (1.2 nM) and 27 (1.5 nM) days after the initial enrichment. Iron (0.7 nM) was initially added to the southern site on YD 25 (designated as t o ), and three additional infusions (0.7 nM Fe each) were performed 4, 8, and 11 days after the initial addition. Additional details regarding the SOFeX expedition can be found at http:// www.mbari.org/expeditions/SOFeX2002/.
[7] Large-volume particulate organic matter (POM) samples (85 -130 L) were collected on 142-mm combusted Whatman GF/F glass fiber filters aboard the R/V Melville at control (n = 4) and experimental (n = 7) SP stations using a McLane or Challenger Oceanic in situ pumping system. POM samples were collected from within the mixed layer at depths ranging from 20 to 25 m. Subsamples (1 cm 2 each) of each filter were taken for particulate organic carbon (POC), stable carbon isotopic (d 13 C), and phytoplankton pigment analyses. Isotopic analyses of bulk POC were determined on acid-fumed samples [Hedges and Stern, 1984] using an on-line CHN analyzer [Verardo et al., 1990] coupled with isotope ratio mass spectrometer (ConFlo II/MAT Delta-Plus). Multiple analysis of samples and well-characterized laboratory standard materials indicated that precision and accuracy using this technique were better than ±0.2%. Phytoplankton pigment distributions were determined by reverse-phase high-performance liquid chromatography (RP-HPLC) following the methods described by Bidigare et al. [2003] . Fucoxanthin (FUCO), 19 0 -hexanoyloxyfucoxanthin (HEX), 19 0 -butanoyloxyfucoxanthin (BUT), peridinin (PER), and total chlorophyll a (TCHLA, chlorophyllide a plus chlorophyll a) concentrations (ng L À1 ) were used as proxies for diatom, haptophyte, pelagophyte, dinoflagellate, and phytoplankton biomass, respectively [Bidigare et al., 1996] .
[8] Short-term disequilibrium experiments were performed ''inside'' and ''outside'' (control stations) of the Northern and Southern patches (Figure 1 ). Discrete samples (CTD and bucket) of 10 to 30 L were collected at several stations and gently filtered (<80 mm Hg vacuum) onto 3-mm Poretics, polycarbonate membrane filters (142 mm diameter) at a temperature <4°C. Phytoplankton cells were then gently resuspended in 50 mL of seawater collected at the same sample location, and the short-term disequilibrium experiments were started immediately after sampling for DIC and alkalinity. The photochemical efficiency of the cells did not significantly change following filtration and resuspension (Jill Peloquin, personal communication, 2002) , which suggests that the manipulations did not adversely stress the algal cells. In some of the experiments, dextran-bound sulfonamide (DBS) or acetazolamide (AZA) at final concentrations of 200 and 20 mM, respectively, were injected 20 min prior to the onset of the isotopic disequilibrium experiments to determine the importance of the extracellular carbonic anhydrase activity. DBS and AZA are potent CA inhibitors that are characterized by their inability to cross the plasmalemma. DIC and alkalinity samples for each isotopic disequilibrium experiment were preserved with HgCl 2 for later analysis.
[9] The short-term disequilibrium experiments were performed in a transparent ice bath incubator. The sample water was gently mixed with a magnetic stirrer. Experiments were performed in front of a bank of daylight fluorescent lamps (21.6 mol quanta m À2 s
À1
). Floating semi-transparent plastic covers were used to decrease CO 2 exchange with the atmosphere. DIC was determined barometrically as previously described [Kroopnick, 1985; Laws et al., 1995] . The distribution of carbonate species was determined from knowledge of temperature, salinity, total alkalinity, DIC, and phosphate and silicate concentrations [Roy et al., 1993; Millero, 1995] . Total alkalinity was determined by computer-controlled Gran titration [Edmond, 1970; Bradshaw et al., 1981] . Precision and accuracy of alkalinity and DIC measurements were less than 8 meq kg À1 and 10 mM, respectively. High specific activity sodium bicarbonate (NaH 14 CO 3 ) was first diluted to a final concentration of 8 mCi mL À1 in a basic (pH = 9) solution. To ensure a high specific activity, the distilled water used to make the basic solution had been previously boiled for 3 hours to remove all DIC.
[10] Cassar et al. [2002] give a detailed description of the 14 C isotopic disequilibrium methodology, as modified from that described by Espie and Colman [1986] and Lehman [1978] , and only a brief summary is included here. To initiate the 14 C isotopic disequilibrium experiment, 0.5 mL (4 mCi) of the final solution was added to the 50-mL sample in the form of 14 CO 2 . The 14 CO 2 was prepared immediately before the short-term 14 C experiments by acidifying NaH 14 CO 3 to a pH of $3.1 with a 0.1% HCl solution. Samples (2 mL) were collected at timed intervals, with the first sample taken at 10 s. The samples were directly transferred to scintillation vials containing 0.5 mL of 10% HCl to terminate 14 C incorporation and left overnight in a fume hood to degas the DI 14 C that had not been fixed. Twelve mL of Aquasol-2 (Packard Bioscience) liquid scintillation cocktail were added to each sample, and the radioactive signal, which represents acid-resistant organic matter, was measured using a Packard TRI-CARB 2770 TR/ SL Liquid Scintillation Analyzer.
[11] The relative importance of HCO 3 À and CO 2 as sources of inorganic carbon for photosynthesis was determined using the equation % CO 2 uptake ¼ Initial rate
where % CO 2 uptake is the fraction of inorganic carbon fixation that is attributable to direct CO 2 uptake. The initial rate was estimated from the activity of 14 C in organic carbon immediately after the onset of the isotopic disequilibrium experiments (i.e., after 10 s). Owing to the slow interconversion of bicarbonate and CO 2 at the experimental temperature of $0°C [Johnson, 1982] , this initial rate is due almost entirely to uptake of 14 CO 2 . On the basis of the carbonate system kinetic rates of Johnson [1982] , the relaxation time (inverse of the rate constant) after a 14 CO 2 injection in seawater with a pH of 8.2 and a DIC concentration of 2.0 mM and at a temperature of 0°C is about 4 min and 40 s. In other words, the 14 CO 2 pool will have lost more than 63% of initial specific activity in about 4 min and 40 s. The final rate is the uptake rate at isotopic equilibrium (i.e., 14 C has equilibrated with all inorganic carbon species), and represents a combination of H 14 CO 3 À and 14 CO 2 uptake. Figure 2 shows uptake response curves with the origin as the time of injection. By comparing the steady state (i.e., isotopic equilibrium) uptake of inorganic carbon with and without external CA inhibitors, we determined the relative importance of external CA activity. Steady state uptake of inorganic carbon without any external CA inhibitor represents a combination of CO 2 , HCO 3 À , and extracellular CA-mediated CO 2 uptake, whereas with the external CA inhibitor, only CO 2 and HCO 3 À uptake are measured. The ratio of the two gives a measure of the relative importance of extracellular CA activity in the uptake of carbon.
Results and Discussion
[12] The addition of iron to the northern site produced a phytoplankton bloom that comprised small (5 -20 mm) phytoflagellates (dinoflagellates, pelagophytes, and haptophytes) on day 12 of the NP experiment . The NP was re-visited 27 days following the initial iron infusion, and microscopic observations revealed a dramatic shift in community composition to larger (>20 mm) chain-forming pennate diatoms. By comparison, the southern site was initially populated (t o ) with a relatively high biomass ($5 mM C) of large centric diatoms . The iron enrichments at the southern site yielded increases in the biomass of all resident phytoplankton groups with only small changes in phytoplankton community structure. RP-HPLC pigment analyses revealed that the phytoplankton community in the SP was dominated (in order of decreasing biomass) by diatoms, haptophytes, pelagophytes, and dinoflagellates ( Figure 3a) . A sevenfold increase in TCHLA concentration (190 to 1300 ng L
À1
) was observed during the 3-week period following initial enrichment. Diatoms displayed the largest ''relative'' increase in pigment biomass (t 21d /t o = 6.1), followed by pelagophytes (t 21d /t o = 5.4), dinoflagellates (t 21d /t o = 4.5), and haptophytes (t 21d /t o = 1.5). The ratio of FUCO-to-TCHLA (w:w) at control and patch stations was relatively constant and averaged 0.56 ± 0.08 (n = 11, CV = 14%). The use of a FUCO-to-TCHLA ratio of 0.69 for Southern Ocean diatoms [Bidigare et al., 1996] suggests that diatoms accounted for 80 -90% of the TCHLA biomass at the southern site. A linear increase in POC concentration was observed during the 17-day period following the initial addition of iron to the southern site (Figure 3b ). The d
13 C values of the POC sampled at control and patch stations were not statistically different (P = 0.578) and averaged À28.70 ± 0.26% (n = 4) and À28.61 ± 0.23% (n = 7), respectively (grand mean = À28.64 ± 0.23, n = 11). To estimate d [Francois et al., 1993; Lynch-Stieglitz et al., 1995; Popp et al., 1999; McNeil et al., 2001] . In the Southern patch, the overall isotopic fractionation (e p ) relative to CO 2 is therefore on average 19.56 ± 0.07%. This is not significantly different from the e p observed by Popp et al. [1999] along the World Ocean Circulation experiment (WOCE) SR3 south of 61°S (19.63 ± 0.97%).
[13] Differences in the % CO 2 uptake results (Table 1 ) could be attributed to variations in the algal community composition at the various stations, and/or to variability inherent to the isotopic disequilibrium experiments. Results were more variable when the final slope was small, i.e., when the photosynthetic rate of the sample was slow, emphasizing the importance of concentrating the collected seawater to increase the volumetric photosynthetic rate. A comparison of the coefficients of variation of the final slopes and of the interstation % CO 2 uptake revealed that most of the variability in the latter could be accounted for by errors in the estimation of the final slopes, suggesting there may be no real difference in % CO 2 uptake between stations. [14] The steady state (i.e., isotopic equilibrium) uptake of DIC was 16% greater without the external CA-inhibitor, indicating that a small portion of the DIC uptake may have been associated with an extracellular CA-mediated conversion of bicarbonate to CO 2 , although the difference was not statistically significant (p = 0.34). The % CO 2 uptake estimated from the isotopic disequilibrium experiments with extracellular CA-inhibitors should reflect direct CO 2 transport (passive and/or active). On average, direct uptake of CO 2 (passive and/or active) accounted for approximately 50% of inorganic carbon uptake, the other half being direct bicarbonate transport across the plasmalemma.
[15] There were no significant differences in the percentage of direct CO 2 uptake inside and outside of the ironenriched patches (Table 1) . Such results imply that the increase in growth rates and decrease in CO 2 concentration associated with iron enrichment did not trigger any discernible changes in the carbon uptake mechanisms, indicating that under most environmental conditions the CCM is constitutive.
[16] In one of the experiments (station 29), a concentrated algal sample was first bubbled with CO 2 -free nitrogen gas for several hours to decrease the CO 2 concentration before initiating the disequilibrium experiments. The CO 2 and DIC concentrations decreased to 3 and 1720 mM, respectively. In this treatment, the percentage of inorganic carbon uptake accounted for by CO 2 uptake was 96% (i.e., direct and extracellular-CA mediated CO 2 uptake). The steady state radiocarbon uptake without CA was more than twice (227%) that obtained with the CA inhibitor. Stated another way, the external CA activity increased significantly at the expense of HCO 3 À uptake, which implies the presence of a CO 2 -regulated CCM. The photochemical efficiency of the cells, measured with a pulse-amplitude-modulation (PAM) fluorometer, was not affected by the decrease in CO 2 (Jill Peloquin, personal communications, 2002) , which would indicate that the availability of CO 2 is not a limiting growth factor in this area of the Southern Ocean. Why the phytoplankton increased the extracellular CA activity at the expense of direct bicarbonate transport, which could not 0 -hexanoyloxyfucoxanthin, and total chlorophyll a (chlorophyllide a plus chlorophyll a), respectively. The averages are given with the standard deviation of the means. All samples were collected at the sea surface with the exception of station 28, which also included a 20-m sample (identified with an asterisk). The samples at station 29 (with/without CA inhibitors) were bubbled for several hours with nitrogen gas to decrease the CO 2 concentration. In/Out and Northern/Southern refer to the location of sampling, inside or outside the iron enriched patch, and North or South of the APFZ, respectively. be detected under the low CO 2 treatment conditions, is unclear. One possible explanation is that an active CO 2 transport, supplied with CO 2 from the catalytic dehydration of HCO 3 À by extracellular CA, is energetically more efficient than active HCO 3 À transport across the plasmalemma under low CO 2 conditions. If the CO 2 concentration in the diffusive boundary layer is lower than that in the bulk medium due to active uptake, extracellular CA activity would help increase the CO 2 concentration in the vicinity of the cell to equilibrium values and thereby reduce the CO 2 chemical gradient across the plasmalemma and diffusional loss of CO 2 due to efflux. Such a mechanism may increase the energetic efficiency of the CCM. Unfortunately, the isotopic disequilibrium experiments do not allow differentiation of active and passive CO 2 uptake.
[17] The presence of extracellular CA activity would indicate the necessity to increase the kinetic conversion of HCO 3 À to CO 2 in the diffusive boundary layer, which, without the presence of external CA activity, would probably be in chemical disequilibrium due to the constant uptake of CO 2 . This surface boundary layer chemical disequilibrium in the absence of an external CA would be likely considering that large diatoms dominated the phytoplankton biomass in the southern patch. Interestingly, the extracellular CA activity in the southern stations (stations 14, 20, 23, 26, 28, 29) , where large diatoms dominated the community, was not greater than that observed at the northern stations, where smaller species prevailed. Assuming the effective thickness of the diffusive boundary layer is dependent on cell size [Wolf-Gladrow and Riebesell, 1997] , one would expect that the southern stations would display higher extracellular CA activity.
Comparison With Carbon Isotopic Fractionation
[18] Under conditions where CO 2 is abundant and growth rate is slow, Laws et al. [1997] empirically demonstrated that photosynthetic isotopic fractionation (e p ) follows the equation
where e up , e diff , and e fix are the isotopic discriminations associated with whatever process brings DIC across the plasmalemma into the cell, diffusion back into the surrounding water, and enzymatic carboxylation, respectively, m is the growth rate, P is the permeability of the plasmalemma to CO 2 , A is the plasmalemma surface area, and Q c is the organic carbon content of the cell. This equation essentially denotes the linear dependence of e p on the ratio of the carbon demand (mQ c ) to the carbon supply ([CO 2 ]PA). Several studies have in fact pointed toward a strong dependence of e p on the CO 2 concentration [Arthur et al., 1985; Rau et al., 1989; Jasper and Hayes, 1990; Hollander and McKenzie, 1991; Laws et al., 1995] . Obviously, this model (equation (2)) assumes that under any conditions, the main source of inorganic carbon for photosynthesis will be passive diffusion.
[19] Subsequent studies, however, have demonstrated that a passive diffusion model could not explain empirical results obtained under extreme CO 2 limiting conditions (i.e., high growth rate, low CO 2 ). Under such conditions, the relationship between e p and m/CO 2 becomes nonlinear [Laws et al., 1997] . It is now believed that the upward curvature of the relationship relative to the linear passive diffusion model is due to the initiation of an active carbon transport mechanism [Laws et al., 1997; Keller and Morel, 1999] . Keller and Morel [1999] have demonstrated that a combination of passive diffusion and active uptake of either HCO 3 À or CO 2 can explain the nonlinear dependence of e p on m/CO 2 .
[20] If we assume that carbon isotope fractionation in marine algae in the Southern Ocean follows the Keller and Morel [1999] model, then
where
and,
where e t is the carbon isotope fractionation associated with active transport mechanisms, d
13
C CO 2 and dC source are the isotopic signatures of the CO 2 in the medium and of the substrate for carbon transport, respectively, g is the ratio of active transport to carboxylation, f a is the proportion of uptake that is active, and f eff is the ratio of efflux to influx. This model assumes that active transport is a constant proportion of fixation and is independent of the CO 2 concentration in the medium. According to our results, and assuming that CO 2 uptake is based on diffusion, the proportion of CO 2 diffusion to total transport across the plasmalemma, [CO 2 ]PA/(gmQ c + [CO 2 ]PA), is about 0.5 (with a range of 0.33 to 0.78; range in parentheses hereinafter), and the ratio of passive to active transport, [CO 2 ]PA/gmQ c , is 1 (0.49 to 3.55). The ''f a '' and ''f eff '' terms in equation (3) are therefore equal to 0.5 (0.22 to 0.67) and (1 -0.5 g) ((1 -0.67g) to (1 -0.22 g)), respectively.
[21] Also according to our results, the majority of active utilization (i.e., HCO 3 À transport plus extracellular CA activity) is attributable to direct HCO 3 À transport (the steady state 14 C uptake is not significantly higher without CA inhibitors). Assuming a d 13 C DIC of 1.7% and a d 13 C CO 2 of À10 % [Francois et al., 1993] , the d 13 C source and (d 13 C CO 2 À d 13 C source ) are approximately equal to 1.7% and À11.7%, respectively. Considering that carbon fixation at the studied stations was predominantly performed by eucaryotic Rubisco, which has a carbon isotope discrimination of 29% [Roeske and O'Leary, 1984; Raven and Johnston, 1991] , and an isotope fractionation associated with dissolved CO 2 diffusion in aqueous solutions of 0.7% [O'Leary, 1984] , and following Keller and Morel's [1999] assumption that e t is equal to e diff , equation (3) becomes
Because of efflux in the mass balance, g must be !0.5. However, according to equation (6), and considering e p can only be positive, g must be greater than 0.61. With an isotopic fractionation of about 15 to 20% in the Southern Ocean [Francois et al., 1993; Popp et al., 1999] , g should be between 1.75 and 4.5. Such a range is consistent with the model fits for various species by Keller and Morel [1999] except for Porosira glacialis, for which they obtain no active HCO 3 À uptake (g = 0), a result they attribute to its low specific growth rate (i.e., diffusion rate is sufficient for the low carbon fixation rate). Our results indicate that even under low growth rates, g > 0. Following this reasoning, and using a f eff of (1 -0.5 g) (see above), the ratio of efflux to influx would be 86% to 94% (62% to 85% with (1 -0.67 g) and 87% to 95% with (1-0.22 g)). Such high efflux is consistent with results in the literature [Rotatore et al., 1995; Sukenik et al., 1997; Tchernov et al., 1997 Tchernov et al., , 1998 ]. According to this result, to maintain a high CO 2 concentration in the vicinity of Rubisco, the CCM must constantly maintain a concentration gradient (higher intracellular DIC concentration), one of the consequences of which would be a significant efflux of CO 2 . In other words, efflux and carbon fixation are competing processes for the intracellular inorganic pool, and because of Rubisco's low catalytic efficiency, efflux may be dominant.
[22] From equations (4) and (5), it is easy to show that f eff is equal to 1-f a /g and therefore that
[23] Assuming that all factors other than f a are constants, the carbon isotope fractionation, e p , should be a linear function of the proportion of uptake that is active, f a . If no active uptake is present (f a = 0), e P = e t + e fix À e diff . However, if all uptake is active (f a = 1), e P = e t + (d
)(e fix À e diff ). Assuming Phaeodactylum tricornutum's isotopic fractionation [Laws et al., 1997] to be representative of marine phytoplankton, e p should be 26.8 when f a = 0 and 5.5 when f a = 1. In other words,
Popp et al. [1999] tested the dependence of e p on CO 2 in the Southern Ocean, where the concentration of CO 2 is relatively high and the phytoplankton's growth rate is suppressed because of the low ocean surface temperature [Six and Maier-Reimer, 1996] . Along the WOCE SR3 transect (Hobart to Antarctica), they found a strong linear dependence of the carbon isotopic fractionation on CO 2 concentration. Popp et al. [1999] observed an average isotopic fractionation of 17.22%, with a range of 12.94 to 21.18%, which would correspond, according to equation (8),
to an average percent CO 2 uptake of 55%, with a range of 35% to 74%, which is in good agreement with our mean of 48%, with a range of 33 to 78%, obtained using isotopic disequilibrium experiments.
[24] Several authors have in fact argued that carbon isotopic discrimination in the Southern Ocean is controlled mainly by the CO 2 concentrations [Fischer, 1991; Rau et al., 1991a Rau et al., , 1991b Dunbar and Leventer, 1992; Rogers and Dunbar, 1993; Kopczynska et al., 1995; Dehairs et al., 1997; Rosenthal et al., 2000] . Francois et al. [1993] and Popp et al. [1999] , however, found areas where the isotopic signature of the organic matter varied independently of the CO 2 concentration, indicating that factors other than the concentration of CO 2 may play an important role in determining fractionation. The presence of carboxylases other than Rubisco, such as phosphoenolpyruvate carboxylase (PEPC), and phosphoenolpyruvate carboxykinase (PEPCK), which have distinctive isotopic discriminations [Raven, 1997] could explain some of the variability in e p [Guy et al., 1989; Le Roux-Swarthout et al., 2000] .
Conclusion
[25] Because of the low permeability of biological membranes to charged molecules, HCO 3 À assimilation can only occur through active uptake or extracellular conversion to CO 2 through carbonic anhydrase activity. Consequently, one would expect the HCO 3 À source to be utilized only when CO 2 becomes limiting. Our results indicate that even under conditions that should favor a passive diffusion mode of carbon transport, i.e., low carbon requirement (low growth rate) and high CO 2 , HCO 3 À is an important substrate for photosynthesis. Under most natural conditions, although CCM plasticity associated with changes in CO 2 and growth rate may be present, such plasticity is not expressed naturally in this area of the Southern Ocean.
[26] Theoretically, CO 2 fertilization should be especially important for large phytoplankton, such as those observed in this region of the Southern Ocean, because of the long diffusion path in the cell boundary layer. However, as observed by Goldman [1999] , we could not find evidence that CO 2 availability limits growth rate. Caperon and Smith [1978] have shown that the DIC half saturation constant is between 67 and 442 mmol L À1 for various axenic algal cultures and natural phytoplankton populations, which is well below the DIC concentrations the algae were exposed to in our experiments, even under the low-CO 2 treatment. In our experiments, the availability of DIC did not affect the phytoplankton's photochemical energy conversion efficiency, which suggests that carbon was not limiting growth rate, presumably because of the presence of an active CCM. In contrast, on the basis of growth rate, phosphate and nitrate utilization, and photochemical efficiency measurements at various CO 2 concentrations, Huertas et al. [2000] found evidence that inorganic carbon could limit growth rate in some marine macroalgae.
[27] Assuming that the uptake of DIC was only by diffusion, Riebesell et al. [1993] hypothesized that CO 2 could limit algal growth rates in the oceans. They also empirically demonstrated that three diatom species responded to variations in CO 2 concentrations. Riebesell et al. [2000] , in a study of the effect of the increase in atmospheric CO 2 on the calcification rates of coccolithophores, observed a slight increase in photosynthetic organic matter production in response to elevated CO 2 concentrations. Hein and Sand-Jensen [1997] also showed that some algal communities along a transect in the Atlantic responded to an elevated CO 2 treatment. They observed an average 15 -19% increase in primary production in response to exposures to pCO 2 's of 855 ppm. The variability in response to the CO 2 enrichment in their study was large, from no response to more than a doubling of the primary production. In a study of CCM activity in phytoplankton communities of the eastern subtropical and equatorial Pacific, Tortell and Morel [2002] did not see any difference in phytoplankton growth rates in response to variations in CO 2 concentrations. The conflicting evidence on the effect of CO 2 availability on algal growth rates clearly indicates that there are species differences in the response to CO 2 availability. Further studies involving measurements of CCM activity in conjunction with CO 2 fertilization experiments will be required to determine whether there is a quantitative inverse correlation between algal CCM activity and response to CO 2 fertilization. More field studies are also necessary to assess how significant CO 2 fertilization will be in the marine environment. Assuming the inorganic carbon assimilation pathways are under selective pressure, a change in algal composition may also occur in response to the increase in atmospheric CO 2 [Raven, 1991; Hein and Sand-Jensen, 1997; Tortell, 2000] .
[28] While there is a plethora of evidence of CCM in the laboratory, very few studies have demonstrated the presence of CCMs in the marine realm in the field. Tortell et al. [2000] and Tortell and Morel [2002] recently found unequivocal evidence of a CCM in the coastal and eastern subtropical and equatorial Pacific. In one of the areas studied, which was dominated by diatoms, Tortell and Morel [2002] found that extracellular dehydration of HCO 3 À to CO 2 by CA was the main source of carbon uptake and that direct HCO 3 À could also have potentially been present. Although they were successful in demonstrating the presence of various CCMs, they were unable to quantify the relative importance of each mode of transport. Our study confirms their observation of the importance of CCM in vivo, and is, to our knowledge, the first quantitative assessment of the relative importance of the various photosynthetic carbon uptake mechanisms in the field. In contrast to the diatom assemblages studied by Tortell and Morel [2002] , diatoms in this region of the Southern Ocean acquire roughly half of their DIC through direct bicarbonate transport, the other half being active or passive CO 2 uptake. Extracellular carbonic anhydrase activity, although present, is minor relative to other pathways. The percentage of CO 2 uptake did not respond to any of the changes associated with iron enrichment. We did see an inducible CCM response in the low CO 2 treatment, but such low CO 2 concentrations in the marine environment are rare, even during intense algal blooms.
[29] Considering that we observed HCO 3 À uptake under relatively low growth rates and high CO 2 conditions, which should theoretically favor a passive CO 2 mode of uptake, HCO 3 À uptake could potentially be even more important in warmer areas of the ocean, where growth rates can be higher [Eppley, 1972] and CO 2 solubility lower. The large size of the cells observed in this region of the world's ocean may however explain their requirement for active uptake of carbon. Although the Southern Ocean has the greatest potential to sequester carbon, we conclude that CO 2 fertilization is unlikely to effect much response from Southern Ocean phytoplankton. CO 2 fertilization may produce a significant response from terrestrial plants [Fan et al., 1998; Phillips et al., 1998; Pacala et al., 2001; Schimel et al., 2001] , but even in the terrestrial environment, CO 2 fertilization may not be as important as previously believed. Changes in land use may account for a large proportion of the terrestrial carbon sink [Fang et al., 2001; Pacala et al., 2001] . On a geological timescale, productivity and organic carbon sequestration to the deep ocean by the biological pump in the Southern Ocean is unlikely to have been stimulated by the increase in surface water CO 2 concentrations observed during interglacial periods. On the human timescale, the increase in temperature associated with the anthropogenic release of CO 2 is more likely to increase thermal stratification of the surface oceans and therefore decrease primary productivity through reduced upwelling of nutrient rich waters. Hence the negative feedback of increased biological pumping rate through marine CO 2 fertilization is probably negligible relative to the positive feedback of a reduction in the former associated with a CO 2 -mediated decline in conveyor belt activity.
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